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What is the stratospheric mean meridional circulation? 
 

It is commonly referred to in the literature as the Brewer-Dobson 
circulation. 

Schematic from Holton et al., 1995, Review of Geophysics 



Fundamentally, the BDC is a transport circulation. 
We’re interested in it (and how it changes in a 
changing climate) because it transports trace species 
into the stratosphere in the tropics, and out of the 
stratosphere at mid to high latitudes. 
 
An important thing to note is that it is a Lagrangian-
mean circulation, and cannot be directly measured.  



Trace species measurements are how the BDC 
was first inferred. 

Prior to taking many measurements in the 
stratosphere, the general view was that the 
stratosphere was essentially free from 
vertical motions, and transport of trace 
species was a diffusional process. 

However, this picture was not consistent with 
the latitudinal gradients in ozone that Dobson 
measured, nor the vertical profiles of water 
vapor that Brewer measured.  

 



Although produced in the 
tropics, ozone columns 
are larger at mid to high 
latitudes. 
 
Also, Dobson (1956) 
noted high ozone in the 
lower polar stratosphere, 
far from the source 
region. 
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From Dobson, Harrison and Lawrence, 1929, Proc. Roy. Soc. A 

First line of evidence 
showing there is a 
circulation in the 
stratosphere 



Alan Brewer developed an aircraft borne frost point hygrometer 
during WW-II specifically to assess conditions where contrails 
may form (to determine how to avoid making contrails). They flew 
on a B-17 (up to 38 Kft) and then a Mosquito (up to 44 Kft), and 
got just into the stratosphere over the UK. 

Second line of evidence for the sense of the stratospheric 
circulation:  Water Vapor 

Weather, 1946, pg 38-40 



Bottom line, the stratosphere is really dry. 



Brewer (1949) noted that the stratosphere sampled in the 
UK was much drier (~3-5 ppmv) than the local minimum 
temperatures would produce (~50 ppmv). 

Because this air was drier than ice saturation over the UK, 
that implied there had to be a circulation bringing that air 
from somewhere. 

The only location he knew of where temperatures were cold 
enough was near the tropical tropopause. 

 





How has the mean meridional circulation been 
quantitatively estimated? 

Murgatroyd and Singleton 
(1961) calculated what’s 
come to be known as the 
diabatic circulation. 

Dunkerton, 1978, showed that this is 
actually representative of air parcel 
motions in the stratosphere and 
mesosphere. 



82 Journal of the Meteorological Society of Japan Vol. 55, No. 1

possible cause is numerical errors due to the 
linear interpolation of vertical motion. 

  On the other hand, it must be noted that the 
displacement of mean position of air particles is 
significant only when its dispersion is small. 
Therefore, in the middle and lower troposphere, 
we can not define adiabatic vertical motion of 
mean position of air particles at a location of 
latitude and height. 

  Finally, we shall trace a travel of an air parti-
cle around the atmosphere. For the purpose, 
consider an air particle starting at the tropical 
tropopause. It ascends directly across the tropo-

pause into the stratosphere in the upward branch 
of the Hadley cell, and then gradually moves 

toward higher latitudes. When it gets through 
the subtropics and comes in mid- or high-latitudes, 
it begins to descend slowly enough to balance 
non-adiabatic cooling there. After a long-period 
residence in the stratosphere, it arrives at the 
lowest layer of the stratosphere where the inter-
mittent intense downward motions can occur, 
and then intrudes directly across the mid-latitude 
tropopause to merge in the troposphere when 
cyclone activity exists. Also within the tropo-
sphere, it tends to descend but with large dis-

persion. In the course of time, it flows out 
through a route which is in the lowest tropo-
sphere in the subtropics to the tropical tropo-
sphere, and comes back to its former position 
after all. However, note that the general circu-
lation of the air particle should be understood 

as a representation of statistical movements of

a large number of air particles for a long period. 
  Fig. 12 shows a schematical model of air par-

ticle's movement. In the figure, solid lines with 
arrow show an individual trajectory of an air 
particle, and heavy arrows denote the Lagrangian 
general circulation of air particles. With respect 
to the motion in the stratosphere, north-south 
oscillatory moevments of an air particle affected 
by planetary waves are added to according to 
Matsuno (1972), though those motions are not 
included in the present model. 

  4.3 Dispersion o f air particles 

  It was previously demonstrated that air parti-
cles which are located close to each other are 
systematically transported by the general circu-
lation. At the same time, individual particles 
are diffused around their mean position. Then 
we shall estimate the magnitude of dispersion of 
air particles. For the purpose, we consider a 
large number of air particles located at the same 
latitude and height but in different longitude by 
50 km intervals. They may be regarded as a point

Fig. 13a Dispersions of air particles originat-
        ing at position marked as black 

        circles for 20 days. The frameworks 
        mean the maximum displacement of 

        of air particles.

Fig. 12 A schematic model of Lagrangian gen-
       eral circulation of air particles, shown 

       by heavy arrows. The individual 
       movement of air particles are de-

      scribed by thin solid lines with the 
       direction of motion. The stratospheric 

       motion affected by planetary waves 
      is indebted to Matsuno (1972). Fig. 13b The same as Fig. 13a.

February 1977 H. Kida 75

Fig. 3a Meridional distribution of marked air 

       particles at the 10th day after release.

Fig. 3b The same as Fig. 3a except for the 
      20th day.

proportion to the magnitude of the difference 
between the phase velocity of the disturbance 
and basic zonal flow (referred to as * and *, re-
spectively)*. In the vicinity of the subtropical 
jet, the magnitude of * is much greater than

* For simplicity , consider the two-dimensional model 
 (*-y plane). Using conventional notations, the 

 velocity field is assumed to be u=u and v=vo 
 cos {k(u-ct)} for basic zonal flow and a harmonic 

 disturbance of meridional motion, respectively. 
 The trajectory of a particle, released from the 

  origin of x-y plane, is expressed by x=ut and 
 y = vo/ {(u -c)k} sin {k(u -)t}. Consequently, the am-
 plitude of y-direction displacement is in inverse 

 proportion to the magnitude of .|u-c|

Fig. 3c The same as Fig. 3a except for the 
      30th day.

that of c, so that air particles do not greatly 
meander north and south there, while those in 
mid-latitudes strikingly meander since u is nearly 
equal to c. 

  Next, the vertical movements of the marked 
air particles will be examined. Figs. 3a-3c show 
the evolution of latitude-height distributions of 
the marked air particles projected on the meridi-
onal plane at 10 days intervals, corresponding 
to Figs. 2a-2c. The absissa is proportional to 
the cosine of latitude so that . the concentration 
of the marked air particles per unit area on the 
meridional plane expresses the average volume 
density. Fig. 3a is the distribution of the marked 
air particles at the 10th day after the start. The 
slight subsidences of air particles appear in mid-
and high-latitude. In the subtropics, noticeable 
poleward displacements occur, which are due to 
the upper portion of the Hadley cell. Also the 
oscillatory movement of the particle is clearly 
shown in the figure. 

  Fig. 3c shows the instantaneous locations of the 
marked air particles after a one month's journey. 
It indicates that a large number of air particles, 
being of stratospheric origin, are now distributed 
in the troposphere especially at about 40°N and 
at the polar region. Those intrusions are due to 
the following processes; the marked air particles 
of Groups I and II, being not of the stratosphere 
but of the tropical troposphere, descend directly 
in the downward branch of the Hadley cell in 
the subtropics. These movements are within the 
troposphere. On the other hand, the marked air 
particles of Groups IV and V gradually descend

Kida, 1977 (JMSJ) ran many forward trajectories using GCM. (interested 
in both the troposphere and stratosphere.)  

Over all features are 
similar to the Murgatroyd 
and Singleton and 
Dunkerton studies. 
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Community Climate Model 2 (NCAR CCM2) output shown 
by Rosenlof and Holton [1993]. In these cases the maximum 
upward mass flux occurs in northern hemisphere winter and 
is approximately twice the minimum that occurs during 
northern hemisphere summer. Tropical total 0 3 measure- 
ments [Shiotani, 1992; Shiotani and Hasebe, 1994] also 
show an annual cycle with minimum during northern hemi- 
sphere winter. Stronger upwelling from the troposphere would 
advect lower 0 3 air into the stratosphere, resulting in mini- 
mum total 0 3 when the tropical upward mass flux is at a 
maximum. 

Coincident with a larger tropical upward mass flux during 
northern hemisphere winter would be greater adiabatic cooling 
compared with northern hemisphere summer. It has been 
known for some time that there is an annual cycle in tropical 
lower-stratospheric temperatures with maximum temperatures 
from July to August and minimum values in February. Reed 
and Vlcek [1969] were the first to suggest that the annual 
temperature cycle in the tropical lower stratosphere exists 
due to an annual cycle in vertical velocities produced by an 
annual variation in upwelling in the tropospheric Hadley cell. 
ReM and Gage [1981] also concluded that the annual variation 
of tropical lower-stratospheric temperature is associated with 
an annual variation in the intensity of upwelling associated 
with the ascending branch of the Hadley cell. This variation 
in the Hadley cell they attributed to an annual cycle in sea 
surface temperatures (SST). However, while maximum lower- 
stratospheric temperatures do occur in July-August when SSTs 
are a minimum, the minimum lower-stratospheric temperatures 
occur in December-January, not in April, when SSTs are a 
maximum. Although a variation in vertical velocity may very 
well be the cause of the observed annual cycle in lower strato- 
spheric temperatures, the mismatch in phasing indicates that 
something other than the direct effect of SSTs are forcing the 
annual cycle in tropical vertical velocities. 

Using GCM output, Manabe and Mahlman [1976] found 
that except at high latitudes the seasonal variation of tempera- 
rare in the lower stratosphere was controlled by dynamical 
effects rather than by the seasonal variation of local heating 
due to solar radiation. In their model tropical lower strato- 
sphere, the gross features of the temperature variation do not 
follow the seasonal variation of solar heating. They inter- 
preted this result as suggesting that the temperature variation 
is controlled by the effects of large-scale motion. 

Providing support for this interpretation is the strong 
compensation observed between temperature changes in the 
tropics and those at higher latitudes. Yulaeva et al. [1994] 
suggested that this is a result of fluctuations in the strength 
of the wave-driven Brewer-Dobson circulation. Thus the 
annual cycle in the tropical residual vertical velocities and, 
ultimately, the cycle in tropical temperatures in the lower 
stratosphere may be the result of a remote stratospheric 
forcing. This was mentioned briefly by Gray and Dunkerton 
[1990] who offered, as one explanation, the hypothesis that 
the annual temperature cycle in the lower tropical stratosphere 
may be a remote response to gravity wave drag above the 
northern hemisphere winter jet stream. lwasaki [1992] and 
Yuleava et al. [1994] further suggested that the northern 
hemisphere/southern hemisphere asymmetry of stratospheric 
planetary wave activity outside the tropics may bring about 
the seasonal variation of tropical lower stratospheric rising 
motions and temperatures. A modeling study supporting this 
premise is that of Dunkerton [1991]. Using a nonlinear zonal 

mean model, he showed that extratropical body forces can 
affect the tropical flow. The phasing of the tropical annual 
temperature and vertical velocity cycles may be due to the 
stronger wave forcing during northern hemisphere winter, 
which would drive a stronger mass circulation during 
December, January, February (D/F) than in June, July, August 

In this study, the TEM residual circulation will be used to 
examine the annual cycle in net tropical upwelling into the 
lower stratosphere. UARS (Upper Atmosphere Research 
Satellite) data will be used to estimate the residual circulation 
on a monthly basis for a 2-year period. The relationship 
between the annual cycles in residual vertical velocities and 
lower stratosphere tropical temperatures will be explored. The 
idea of downward control, or remote forcing, described by 
Haynes eta/. [1991], will be used as a possible explanation for 
the existence of the annual oscillation in residual vertical 
velocities in the tropical lower stratosphere. However, prior 
to showing results, the following section will describe the 
methods used to calculate the residual circulation. 

Methods of Estimating Residual Velocities 
The TEM residual velocities (7', •*) in log pressure coor- 

dinates are defined as 

- - o) V*-'V 
Po 3z 

_ I 3 (costpv-;•/•z), (2) w*= • 't ac•slp • 
where an overbar represents a zonal mean and all other terms 
are as defined by Andrews et al. [1987]. The residual velocities 
can be estimated by solving the system consisting of the 
TEM thermodynamic and continuity equations in spherical 
coordinates. 

... ... 

3e + +_,__ 

-- - •1 ø• [p0(v't9' •q/a•'z + w' t•')] (3) =Q P0 & 

I • ,) 1 acostp &p •00 • = 0. (4) 

The flux divergence term in the thermodynamic energy equa- 
tion is small under quasi-geostrophic scaling, and if it is 
ignored, (3) and (4) can be solved for the residual velocities 
without reference to eddy fluxes. After computing Q, the 
iterative method described by Murgatroyd and Singleton 
[1961] and Solomon et al. [1986] is used to solve for •* and 
•*. The net vertical mass flux across a pressure surface must 
be zero when integrated from pole to pole. To meet this con- 
straint, •* is corrected at every iteration. This can be done a 
variety of ways [see Shine, 1989] but here will be corrected 
uniformly at all latitudes. The need for this correction is a 
source of uncertainty in the estimated residual velocities. For 
the remainder of this paper, residual velocities estimated this 
way will be referred to as radiatively derived. The diabatic 
circulation, defined in World Meteorological Organization 
(WMO) [1986], ignores 19 t in (3). Geller et al. [1992] showed 

How do we estimate the BDC using output from reanalyses? 
1)  We can use the Andrews and McIntyre definition of the TEM residual    

 velocities. Whether both vbarstar and wbarstar 
can be calculated depends on whether 
vertical velocities are a saved 
parameter.  And, as a caveat, the wbar 
term seems to be a better calculation 
when wbar is saved as an averaged 
rather than instantaneous field. 

2)   We can use the TEM thermodynamic and continuity equations.  
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The flux divergence term in the thermodynamic energy equa- 
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ignored, (3) and (4) can be solved for the residual velocities 
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•*. The net vertical mass flux across a pressure surface must 
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follow the seasonal variation of solar heating. They inter- 
preted this result as suggesting that the temperature variation 
is controlled by the effects of large-scale motion. 

Providing support for this interpretation is the strong 
compensation observed between temperature changes in the 
tropics and those at higher latitudes. Yulaeva et al. [1994] 
suggested that this is a result of fluctuations in the strength 
of the wave-driven Brewer-Dobson circulation. Thus the 
annual cycle in the tropical residual vertical velocities and, 
ultimately, the cycle in tropical temperatures in the lower 
stratosphere may be the result of a remote stratospheric 
forcing. This was mentioned briefly by Gray and Dunkerton 
[1990] who offered, as one explanation, the hypothesis that 
the annual temperature cycle in the lower tropical stratosphere 
may be a remote response to gravity wave drag above the 
northern hemisphere winter jet stream. lwasaki [1992] and 
Yuleava et al. [1994] further suggested that the northern 
hemisphere/southern hemisphere asymmetry of stratospheric 
planetary wave activity outside the tropics may bring about 
the seasonal variation of tropical lower stratospheric rising 
motions and temperatures. A modeling study supporting this 
premise is that of Dunkerton [1991]. Using a nonlinear zonal 

mean model, he showed that extratropical body forces can 
affect the tropical flow. The phasing of the tropical annual 
temperature and vertical velocity cycles may be due to the 
stronger wave forcing during northern hemisphere winter, 
which would drive a stronger mass circulation during 
December, January, February (D/F) than in June, July, August 

In this study, the TEM residual circulation will be used to 
examine the annual cycle in net tropical upwelling into the 
lower stratosphere. UARS (Upper Atmosphere Research 
Satellite) data will be used to estimate the residual circulation 
on a monthly basis for a 2-year period. The relationship 
between the annual cycles in residual vertical velocities and 
lower stratosphere tropical temperatures will be explored. The 
idea of downward control, or remote forcing, described by 
Haynes eta/. [1991], will be used as a possible explanation for 
the existence of the annual oscillation in residual vertical 
velocities in the tropical lower stratosphere. However, prior 
to showing results, the following section will describe the 
methods used to calculate the residual circulation. 

Methods of Estimating Residual Velocities 
The TEM residual velocities (7', •*) in log pressure coor- 

dinates are defined as 

- - o) V*-'V 
Po 3z 

_ I 3 (costpv-;•/•z), (2) w*= • 't ac•slp • 
where an overbar represents a zonal mean and all other terms 
are as defined by Andrews et al. [1987]. The residual velocities 
can be estimated by solving the system consisting of the 
TEM thermodynamic and continuity equations in spherical 
coordinates. 

... ... 

3e + +_,__ 

-- - •1 ø• [p0(v't9' •q/a•'z + w' t•')] (3) =Q P0 & 

I • ,) 1 acostp &p •00 • = 0. (4) 

The flux divergence term in the thermodynamic energy equa- 
tion is small under quasi-geostrophic scaling, and if it is 
ignored, (3) and (4) can be solved for the residual velocities 
without reference to eddy fluxes. After computing Q, the 
iterative method described by Murgatroyd and Singleton 
[1961] and Solomon et al. [1986] is used to solve for •* and 
•*. The net vertical mass flux across a pressure surface must 
be zero when integrated from pole to pole. To meet this con- 
straint, •* is corrected at every iteration. This can be done a 
variety of ways [see Shine, 1989] but here will be corrected 
uniformly at all latitudes. The need for this correction is a 
source of uncertainty in the estimated residual velocities. For 
the remainder of this paper, residual velocities estimated this 
way will be referred to as radiatively derived. The diabatic 
circulation, defined in World Meteorological Organization 
(WMO) [1986], ignores 19 t in (3). Geller et al. [1992] showed 

Where Qbar can either be 
taken from reanalysis output or 
calculated using temperatures 
(and possibly cloud info) from 
reanalysis, and constituent 
information from another 
source. 

Or the mass-weighted isentropic zonal mean (MIM) meridional velocity from Iwaski (1989) 
see http://wind.gp.tohoku.ac.jp/mim/ 



How do we estimate the BDC using output from reanalyses? 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 

3)   We can use TEM zonal momentum and continuity equations.  (Haynes et al., 1991) 
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Community Climate Model 2 (NCAR CCM2) output shown 
by Rosenlof and Holton [1993]. In these cases the maximum 
upward mass flux occurs in northern hemisphere winter and 
is approximately twice the minimum that occurs during 
northern hemisphere summer. Tropical total 0 3 measure- 
ments [Shiotani, 1992; Shiotani and Hasebe, 1994] also 
show an annual cycle with minimum during northern hemi- 
sphere winter. Stronger upwelling from the troposphere would 
advect lower 0 3 air into the stratosphere, resulting in mini- 
mum total 0 3 when the tropical upward mass flux is at a 
maximum. 

Coincident with a larger tropical upward mass flux during 
northern hemisphere winter would be greater adiabatic cooling 
compared with northern hemisphere summer. It has been 
known for some time that there is an annual cycle in tropical 
lower-stratospheric temperatures with maximum temperatures 
from July to August and minimum values in February. Reed 
and Vlcek [1969] were the first to suggest that the annual 
temperature cycle in the tropical lower stratosphere exists 
due to an annual cycle in vertical velocities produced by an 
annual variation in upwelling in the tropospheric Hadley cell. 
ReM and Gage [1981] also concluded that the annual variation 
of tropical lower-stratospheric temperature is associated with 
an annual variation in the intensity of upwelling associated 
with the ascending branch of the Hadley cell. This variation 
in the Hadley cell they attributed to an annual cycle in sea 
surface temperatures (SST). However, while maximum lower- 
stratospheric temperatures do occur in July-August when SSTs 
are a minimum, the minimum lower-stratospheric temperatures 
occur in December-January, not in April, when SSTs are a 
maximum. Although a variation in vertical velocity may very 
well be the cause of the observed annual cycle in lower strato- 
spheric temperatures, the mismatch in phasing indicates that 
something other than the direct effect of SSTs are forcing the 
annual cycle in tropical vertical velocities. 

Using GCM output, Manabe and Mahlman [1976] found 
that except at high latitudes the seasonal variation of tempera- 
rare in the lower stratosphere was controlled by dynamical 
effects rather than by the seasonal variation of local heating 
due to solar radiation. In their model tropical lower strato- 
sphere, the gross features of the temperature variation do not 
follow the seasonal variation of solar heating. They inter- 
preted this result as suggesting that the temperature variation 
is controlled by the effects of large-scale motion. 

Providing support for this interpretation is the strong 
compensation observed between temperature changes in the 
tropics and those at higher latitudes. Yulaeva et al. [1994] 
suggested that this is a result of fluctuations in the strength 
of the wave-driven Brewer-Dobson circulation. Thus the 
annual cycle in the tropical residual vertical velocities and, 
ultimately, the cycle in tropical temperatures in the lower 
stratosphere may be the result of a remote stratospheric 
forcing. This was mentioned briefly by Gray and Dunkerton 
[1990] who offered, as one explanation, the hypothesis that 
the annual temperature cycle in the lower tropical stratosphere 
may be a remote response to gravity wave drag above the 
northern hemisphere winter jet stream. lwasaki [1992] and 
Yuleava et al. [1994] further suggested that the northern 
hemisphere/southern hemisphere asymmetry of stratospheric 
planetary wave activity outside the tropics may bring about 
the seasonal variation of tropical lower stratospheric rising 
motions and temperatures. A modeling study supporting this 
premise is that of Dunkerton [1991]. Using a nonlinear zonal 

mean model, he showed that extratropical body forces can 
affect the tropical flow. The phasing of the tropical annual 
temperature and vertical velocity cycles may be due to the 
stronger wave forcing during northern hemisphere winter, 
which would drive a stronger mass circulation during 
December, January, February (D/F) than in June, July, August 

In this study, the TEM residual circulation will be used to 
examine the annual cycle in net tropical upwelling into the 
lower stratosphere. UARS (Upper Atmosphere Research 
Satellite) data will be used to estimate the residual circulation 
on a monthly basis for a 2-year period. The relationship 
between the annual cycles in residual vertical velocities and 
lower stratosphere tropical temperatures will be explored. The 
idea of downward control, or remote forcing, described by 
Haynes eta/. [1991], will be used as a possible explanation for 
the existence of the annual oscillation in residual vertical 
velocities in the tropical lower stratosphere. However, prior 
to showing results, the following section will describe the 
methods used to calculate the residual circulation. 

Methods of Estimating Residual Velocities 
The TEM residual velocities (7', •*) in log pressure coor- 

dinates are defined as 

- - o) V*-'V 
Po 3z 

_ I 3 (costpv-;•/•z), (2) w*= • 't ac•slp • 
where an overbar represents a zonal mean and all other terms 
are as defined by Andrews et al. [1987]. The residual velocities 
can be estimated by solving the system consisting of the 
TEM thermodynamic and continuity equations in spherical 
coordinates. 

... ... 
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-- - •1 ø• [p0(v't9' •q/a•'z + w' t•')] (3) =Q P0 & 
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The flux divergence term in the thermodynamic energy equa- 
tion is small under quasi-geostrophic scaling, and if it is 
ignored, (3) and (4) can be solved for the residual velocities 
without reference to eddy fluxes. After computing Q, the 
iterative method described by Murgatroyd and Singleton 
[1961] and Solomon et al. [1986] is used to solve for •* and 
•*. The net vertical mass flux across a pressure surface must 
be zero when integrated from pole to pole. To meet this con- 
straint, •* is corrected at every iteration. This can be done a 
variety of ways [see Shine, 1989] but here will be corrected 
uniformly at all latitudes. The need for this correction is a 
source of uncertainty in the estimated residual velocities. For 
the remainder of this paper, residual velocities estimated this 
way will be referred to as radiatively derived. The diabatic 
circulation, defined in World Meteorological Organization 
(WMO) [1986], ignores 19 t in (3). Geller et al. [1992] showed 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 

Solve for TEM stream function 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 
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that the temperature tendency term can be significant. For that 
reason, it has been retained in this study. 

A second method for calculating the residual velocities was 
described by Haynes et al. [1991]. This consists of solving the 
set of equations consisting of the TEM zonal momentum 
equation, 

•?• [ 1 o• ] •.,o• o•'• + 7' --(•cos•)- f + -- acos• • •z 

(5) 

and continuity equation (4). Here, X represents any unre- 
solved zonal force (e.g., gravity wave drag), V. F is the 
divergence of the Eliassen-Palm (E-P) flux [see Edmon et al., 
1980], and all other symbols are defined by Andrews et al. 
[1987]. A stream function for the residual velocities can be 
defined as 

1 3• 1 3• 
7* = ,-• , •* = . (6) 

po cos (p 3z poa cos (p &p 

Under steady state conditions, if (6) is substituted into (5), the 
solution for • may be expressed as 

' = ½(z') 

where the integration is along a line of constant angular 
momentum, • = a coslp(• + a [2 cos•p), and 7 is the total 
zonal force in (1). Lines of constant angular momentum are 
the characteristics of the hyperbolic equation for the stream 
function. The boundary conditions V' --> 0 and po TM -• 0 as 
z--> oo have been used to fix the constants of integration. 
Once V' is determined, the residual velocities are found using 
centered difference approximations to the derivatives given in 
(6). Errors in this method were addressed by Rosenlof and 
Holton [1993]. The largest errors are the result of neglect of 
subgrid scale forcings and departure from steady state condi- 
tions. For the remainder of this paper, residual velocities com- 
puted this way will be referred to as derived from remote 
forcing. 

Once the values of the stream function are known, the mass 
flux across a pressure surface poleward of a given latitude can 
be calculated. The net downward mass flux is expressed as 

pol½ 
2•j• P0acos½• *ad• = (8) 

using the boundary condition that •F = 0 at the poles. The 
net downward flux in each hemisphere can be determined 
by finding the latitude at which is a maximum, which 
coincides with the latitude where the residual vertical velocity 
changes direction from upward to downward. Hereinafter, this 
will be referred to as the "turnaround latitude". The net upward 
mass flux in the tropics will be equal to the sum of the net 
downward flux into each hemisphere. Mathematically, this 
can be expressed as 

Tropical upward mass flux = 2• a (•Fma x -- •rnin)' (9) 

Radiative Heating Algorithm 
In this work, heating rates are calculated using the radiative 

transfer code described by Yang et al. [1991] and Olaguer et al. 
[1992]. This code was developed for use in a two-dimensional 
photochemical-dynamical model. It was designed with the 
intention of being reasonably comprehensive and accurate 
but also computationally efficient so that it could be used in 
a model requiring frequent calculation of heating rates for 
the stratosphere. The code consists of three modules. One 
computes solar heating, the second computes infrared (IR) 
heating, and a third is needed to estimate latent heating in the 
troposphere. 

The IR portion of the code takes as inputs CO 2, 03, H20, 
CH 4, and N20. The solar code calculates radiative absorption 
by 03, O, and NO 2 at ultraviolet and visible wavelengths 
and by H20 and CO 2 at near-IR wavelengths. Stratospheric 
heating is calculated as the sum of absorption of the direct 
solar beam and absorption of diffuse solar radiation back- 
scattered by the lower atmosphere. The model includes the 
effects of multiple scattering and reflection of radiation by 
clouds. Details of the radiative scheme and assumptions used 
are given by Olaguer et al. [1992] and Yang et al. [1991]. 
Additionally, for heating rates in the troposphere, latent 
heating must be included. This is calculated based on code and 
a climatology of rainfall provided by H. Yang (personal 
communication, 1993). 

Inputs to the code consist of vertical profiles of tempera- 
ture, H20, 03, CH4, N20, and NO 2 and a constant value of 
CO 2. Although the code can be run with any vertical reso- 
lution, Olaguer et al. [1992] found that good accuracy was 
obtained with a 1- to 2-km vertical resolution. For the runs 
done in this work, a 1-km vertical resolution is used over the 
range 1000 to 0.1 hPa. Although tropospheric heating rates 
are computed, they are not presumed to be very accurate. One 
reason is that latent heating is a large component of the net 
heating in the troposphere, and the latent heating estimate 
is quite crude. In this study, the emphasis is on the residual 
circulation in the stratosphere. The heating rates in the 
troposphere do not impact the computed circulation in the 
stratosphere very much, therefore the crude results in the 
troposphere should not be a problem. 

To examine the seasonal cycle in the residual circulation, 
first monthly averaged heating rates were computed. This was 
done using UARS constituent measurements from January 
1992 to December 1993 as inputs to the radiative code. Data 
from the microwave limb sounder (MLS) instrument [Barath et 
a/., 1993] and the Halogen Occultation Experiments (HALOE) 
[Russell et al., 1993] were used. Because the CH4 and N20 
contributions to the heating rates are small, the UARS 
monthly averaged climatology values were used for those con- 
stituents. Monthly averages of the MLS 03 and H20 were 
created from their level 3AL product. The 3AL data consist of 
orbital data put on a standard latitude and pressure grid. The 
data were zonally averaged first, then averaged :n time. These 
averages were next interpolated to the 1-km vertical grid used 
by the radiative code. The MLS H20 channel failed in early 
1993. Consequently, HALOE H20 measurements were used 
from April to December 1993 where available. These are 
not true monthly averages in the same sense that the MLS 
measurements are, because the measurement technique only 
permits two latitudes to be observed on any given day. How- 
ever, in the absence of any other data, these were considered 

Downward Control 



How do we estimate the BDC using output from reanalyses? 

4)   Derive constituent distributions using reanalyses winds in a CTM, and look 
at the propagation of seasonal signals. 

Schoeberl et al., 2008 used the vertical 
propagation of the annual cycle in tropical 
water vapor to estimate Lagrangian-mean 
vertical velocities.  

Velocities were estimated by 
using lag correlation between 
levels in the vertical following a 
method described in Niwano et 
al., 2003. 



Tropical tape recorder, Mote et al, 94&95 

UARS HALOE 

TEM model 

Another way to judge the accuracy of the BDC in reanalyses;  compare 
water vapor derived from a simplistic calculation to observations.  Here, 
NCEP wbarstar and tropopause temperatures were used.  Note that 
temperatures had to be adjusted (this used the NCEP reanalysis from the 
early 1990s), and the circulation appears to be too fast. 
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Figure 6. Trajectories computed using radiatively derived residual velocities with UKMO-assimilated temperatures. 
Tick marks are every 100 days. Both trajectories start at the equator at 100 hPa. Northern hemisphere trajectory 
started January 1; southern hemisphere trajectory started June 1. 

the UKMO radiatively derived residual velocities. The northern 
hemisphere trajectory started on the equator at 100 hPa in 
January. The southern hemisphere trajectory started at the 
same location in July. Tick marks are spaced 100 days apart. 
Each takes nearly 2 years to ascend to near 1 hPa in the 
tropics. The northern hemisphere trajectory then moves 
rapidly northward, taking 100 days to traverse nearly 60 ø of 
latitude. The southern hemisphere trajectory takes longer to 
move southward and continues to ascend before finally 
descending at high southern latitudes. It takes 3.24 years for 
the northern hemisphere trajectory to reach 100 hPa again near 
the pole, while the southern trajectory takes 3.9 years. A 
hypothetical northern hemisphere average parcel moves 
rapidly poleward during winter. A southern hemisphere aver- 
age parcel is not able to move as quickly poleward during 
winter and experiences additional heating in the summer that 
enables it to rise higher than its northern counterpart. Reduced 
wave driving in the southern hemisphere winter stratosphere is 
the reason for the average southward moving parcel to take 
longer than the average northward moving parcel to cycle 
through the stratosphere. It should be emphasized that these 
trajectories do not correspond to any actual particle, which 
will also be dispersed by the action of the eddies. Instead, 
these trajectories should be viewed as a statistical average of 
an ensemble of particles. The spread of such an ensemble will 
increase with time, so will be greater at the near pole terminus 
of the trajectory than in the tropics where the trajectory starts. 

Using the radiatively derived residual velocities, an 
estimate can be made of the total force per unit mass, 5 r. This 
is done by summing the time tendency and advection terms in 
the TEM zonal momentum equation (5). Figure 7 shows plots 
of the estimated zonal force for January and July 1993. The 
time tendency and spatial derivatives of the zonal wind are 
estimated from UKMO assimilated data, while the residual 
velocities are from the radiative run using UKMO assimilated 
temperatures as input. This calculation gives an estimate of 
the total forcing for the momentum equation, consisting of the 

sum of the planetary scale wave E-P flux divergence and 
gravity wave drag. 

The diagnosed zonal force is negative (easterly accelera- 
tions) throughout most of the winter hemisphere. In the 
summer hemisphere, small positive values (westerly accelera- 
tions) are found near the stratopause (--- 1 hPa). These results 
are similar to those presented by Shine [1989] using the same 
type of correction to maintain mass balance in the computed 
residual velocities. However, he showed in his calculations 
that there are large differences in the diagnosed zonal force in 
the upper stratosphere depending on the correction method 
used to maintain mass balance. His estimates of potential 
errors in the zonal force were as large as 5 m/s/d in this alti- 
tude region. This possible error is of the same order as the 
positive forcing values shown near the summer hemisphere 
stratopause, consequenfiy the sign of forcing may be in doubt. 

Patches of positive values of the diagnosed zonal force 
appear at high latitudes (for example, located near 7øS and 
5 hPa in July). This is also the case in calculations of E-P flux 
pseudodivergence shown by Yang eta/. [1991]. Small positive 
blobs at high latitudes are present in the climatological 
average E-P flux divergence computed using the NMC analyses 
[see Randel, 1992] and are seen in the studies of Geller et al. 
[1983] and Hartmann et al. [1984]. It should be noted that 
such features do not appear in the seasonally averaged E-P flux 
divergence computed from CCM2 output (not shown). It is 
possible, based on the arguments of Shine [1989], that these 
positive blobs are due to uncertainties in the radiatively 
derived residual velocities. Since they also appear in data- 
based estimates of just the large-scale forcings, it is also 
possible they are associated with an actual wave forcing. 
However, Robinson [1986] discusses problems involved with 
estimating the E-P flux divergence from satellite data and 
demonstrates that inaccurate wind estimates can lead to 
spurious regions of divergent E-P flux. Whether the westerly 
forcing estimated here is an actual wave forcing or merely an 
uncertainty in the calculations is not clear. 
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Figure 17. Estimated "age" of 1owcr-stratosphcric air in years calculated from residual circulation back trajectories. 
Contours are every 0.25 years; shading indicates values greater than 3.5 years. 

mass flux can be accounted for by a stronger zonal forcing 
above the 70-hPa surface at 28øN in January compared to that 
in July at 28øS. One unanswered question is how this relates to 
the annual cycle observed in the tropical tropopause height 
discussed by Reid and Gage [1981]. The tropopause cannot be 
thought of as simply being advected up and down by the annual 
cycle in residual vertical velocities, because it is not a material 
surface, but rather defined by vertical temperature gradients. A 
seasonal cycle in lower stratospheric vertical velocities will 
affect the vertical distribution of radiatively important trace 
species. This could in turn affect the location of the tropo- 
pause. These sorts of interactions should be investigated 
further by modeling studies. 

The stronger zonal forcing during northern hemisphere 
winter has implications for higher latitudes as well as for the 
lower stratospheric tropical upward mass flux and tempera- 
tures. This work has shown that on an annual average the 
residual circulation cycles more mass through the stratosphere 
in the northern hemisphere than in the southern hemisphere. 

Thus air in the southern hemisphere stratosphere takes longer 
to get from the tropical tropopause to a given latitude and 
altitude than a comparable parcel in the northern hemisphere. 
Air descending in southern hemisphere polar regions appears 
to have at some point ascended higher than a comparable 
parcel in the northern hemisphere, and descent rates into the 
polar winter vortex are stronger during northern hemisphere 
winter than during southern hemisphere winter. Temperatures 
are therefore warmer in the northern hemisphere winter polar 
vortex, and ozone is advected in more rapidly than in the 
south, which helps to offset any ozone depletion processes 
that are occurring. It also appears that there is an effective 
barrier to average horizontal mass transport in the lower 
stratosphere near 60 ø latitude in each hemisphere, as evidenced 
by the age calculation shown in Figure 17. This age should 
be thought of as an average age of parcels in a given latitude 
and altitude bin [see Hall and Plumb, 199g]. There will be 
parcels that cross this barrier. But most parcels appear to take 
a longer route on their journey through the stratosphere. 

Table 2. 

kg/s 
Extratropical Downward Mass Flux Into the Northern Hemisphere at 70 hPa, in Units of 

Radiative, Radiative, UKMO NMC 
UKMO NMC UKMO Remote Remote 

Temperature Temperature •r ß Forcing Forcing 
Latitude/Flux Latitude/Flux Latitude/Flux Latitude/Flux Latitude/Flux 

DJF 30øN/52.4 30øN/52.3 32øN/67.4 24øN/45.1 34øN/37.1 
MAM 42øN/18.4 42øN/20.3 42øN/28.5 
JJA 48øN/ 5.1 50øN/ 4.6 50øN/ 4.3 50øN/ 6.9 54øN/ 5.6 
SON 32øN/36.1 32øN/33.1 32øN/37.2 
Mean 28.0 27.6 34.4 26.0 21.4 

UKMO, United Kingdom Meteorological Organization; NMC, National Meteorological Center. 

From Rosenlof, 1995  (used UKMO method 2 (radiative calculation) 

1989]. The model ozone profiles were identically matched to
the SAGE II profiles by adjusting the vertical velocity and in‐
mixing time scale t so that the photochemical term in
equations (1) and (2) exactly balanced the advection and
diffusion terms and the photochemical production and loss
rate profiles closely matched the 2‐D model profiles. As
shown in Figure 1, the adjustments made to W and t were
within the error estimates of the observationally based pro-
files. As with the age tracer, the only boundary condition
applied was at Z = 0 in the tropics where the ozone was set
equal to the SAGE II tropical tropopause value at each time
step. No other boundary conditions are necessary in the
simulations performed for this study, since the goal was to
allow the tracers to freely evolve in response to perturba-
tions in the mean circulation and mixing.
[16] The tropical and midlatitude steady state profiles of

themean age of air and ozone tracer are shown in Figure 2. The
modelmean age of air profiles very closelymatch the observed
profiles fromA. Engel et al. (personal communication) in both
absolute values and shape. The current Engel et al. study is an
extension of Engel et al. [2009] to include both the vertical
and latitudinal distributions of observationally derived mean
age of air. The sharp kink in the observed midlatitude mean
age of air roughly 8 km above the tropopause is not repro-
duced by the model, but the model does show a change in
vertical gradient between 8 and 10 km with a more gradual
increase in mean age at higher altitudes. To compare the
model output to the observed mean ages from Engel et al.
[2009], we averaged the model output from 15 to 25 km
above the tropopause.

4. Observed Mean Age of Air and Total Ozone

[17] The time series of observed midlatitude mean age
of air with the equivalent latitude adjustment described
in section 2 is shown in Figure 3. The slope of 0.24 ±
0.22 years/decade or 4.8% ± 4.5%/decade is the same as that
calculated byEngel et al. [2009]. The uncertainty on the slope
is mostly due to the uncertainties on the mean age estimates

described in section 2. But the three low mean ages based on
CO2 measurements in 2001–2002 also make a significant
contribution to the slope uncertainty and reduce the slope
value. Two of the anomalously low CO2 based mean ages
have coincident SF6 based mean ages that are over one year
older and comparable to mean ages before and after this
period. Since SF6 has no significant change in growth rate
during this period, there is no reason to suspect a problem
in the SF6 basedmean ages. The reason for the lowCO2 based
ages is uncertain but could be related to the SST‐driven cir-
culation changes that began in the year 2000 interacting
with the seasonal cycle of CO2 entering the stratosphere.
Without these three points, the slope increases to 0.31 ±
0.22 years/decade, which is significant at the 90% confidence
level. We chose to keep these three points in the time series
since we have no conclusive reason to exclude them and thus
use the lower value of the slope.
[18] It is interesting to note that some of the variability on

time scales of 3–5 years, such as around 1985 and 1995, may
be real and not due to errors in either the measurements or
calculation of mean age (perhaps related to ENSO or other
perturbations in the strength of the mean meridional circu-
lation). In simulations of the TLP model (not shown), we
found that several year increases in the middle and upper
stratospheric mean circulation consistent with those seen in
the JRA‐25 residual circulation could explain some part of
the decreases in observed mean age in the mid‐1980s and
1990s.
[19] For the TOMS/SBUV total ozone, we use multiple

linear regression to remove as much of the variability pro-
duced by known cycles and trends in order to attempt to
isolate the part of the variability due to circulation changes.
We use the 20°S–20°N average for the tropical time series
and 30°–70° average in each hemisphere for the midlatitude
time series and remove the seasonal cycle from each time
series before performing the regression. We include in the
regression two terms for the QBO (NCEP/NCAR Reanalysis
tropical winds at 10 and 50 hPa), the solar cycle (10.7 mm
radio flux), equivalent effective stratospheric chlorine (EESC)
(from Newman et al. [2007], 2 year mean age time series in
tropics and 5 year mean age time series in midlatitudes),
stratospheric aerosol from volcanoes [Deshler et al., 2006]

Figure 2. Profiles of (a) the steady state ozone and (b) mean
age from the tropical pipe model. Solid lines are tropical, and
dashed lines are midlatitudes. The ozone profiles are SAGE II
annual averages in 20°S–20°N for the tropics and 30°–60°N
for the midlatitudes. The mean age plot also includes profiles
based on observations from Engel et al. [2009].

Figure 3. Time series of Northern Hemisphere midlatitude
mean age of air calculated from balloon observations of
SF6 and CO2 from Engel et al. [2009]. Variability as a
function of equivalent latitude at each measurement location
has been removed, and the error bars have been reduced
slightly as a result. See text for details.

RAY ET AL.: CHANGES IN THE STRATOSPHERIC CIRCULATION D21304D21304
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Data based age 
estimates to 
compare with. 
Ray et al., 2010 
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Fig. 1. (Top) Seasonal mean residual streamfunction (divided by a, in 102 kg/m/s, negative values dashed) for CMAM. Note irregularly
spaced contours. (bottom) Trajectories along fixed residual streamlines and their associated transit times (colour coding, years). Only
trajectories arriving poleward of 30◦ are plotted. Left panels: boreal winter, right panels: boreal summer. Thick gray lines mark average
tropopause pressure in all panels.

 

 

 

 

Fig. 2. Trajectories along time-dependent annually repeating residual streamlines and their associated transit times (colour coding, years)
for CMAM. Trajectories were run backward starting at arrival latitudes poleward of 30◦ on 15 January (left) and 15 July (right) and were
terminated when they crossed the tropopause. Arrival pressure is set to correspond to �TP+30K (roughly the top of the ExTL). Thick gray
lines mark average tropopause pressure for given date.

trajectories arriving equatorward of about 60◦ did not visit
pressures lower than about 70 hPa. A strong meridional gra-
dient can again be identified in the lowest stratosphere be-
tween ∼ 60–70◦. These results are qualitatively consistent
with earlier results by Rosenlof (1995) based on trajectories
driven by zonal mean diabatic heating rates from meteoro-
logical analyses.
Figure 4 shows corresponding results for JRA25 (top) and

ERA40 (bottom) for the period 1979–2001. As for CMAM
monthly climatologies for v∗ and ω∗ have been used to com-
pute backward trajectories along residual streamlines. Mete-

orological analyses are known to be biased toward low age of
air due to enhanced dispersion by the data assimilation pro-
cess (Monge-Sanz et al., 2007). Figure 4 confirms this expec-
tation, somewhat more so for ERA40 than for JRA25. Tran-
sit times along the residual streamlines are generally smaller
for ERA40 and JRA25 that for CMAM, especially in the po-
lar regions. It is important to note that transit times here do
not include the effect of two-way mixing. It can be concluded
that the residual circulation in the reanalyses is biased fast
compared to CMAM.

Atmos. Chem. Phys., 11, 817–827, 2011 www.atmos-chem-phys.net/11/817/2011/

Birner and Boenisch 2011 did a similar calcultion…shown 
here are results from CMAM 
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Fig. 3. Black contours: annual mean transit time (left, in years) and minimum pressure visited (right, in hPa) of trajectories along time-
dependent annually repeating residual streamlines from CMAM. The background color shading quantifies the absolute value of the merid-
ional gradient of the displayed fields (in arbitrary units, darker shading for larger gradients, blue for largest gradients). Thick dashed lines
mark average position of the tropopause.

Fig. 4. As Fig. 3 but for JRA25 (top) and ERA40 (bottom) for 1979–2001 (same units for color shading).

Fig. 3. Black contours: annual mean transit time (left, in years) and minimum pressure visited (right, in hPa) of trajectories along time-
dependent annually repeating residual streamlines from CMAM. The background color shading quantifies the absolute value of the merid-
ional gradient of the displayed fields (in arbitrary units, darker shading for larger gradients, blue for largest gradients). Thick dashed lines
mark average position of the tropopause.
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Fig. 3. Black contours: annual mean transit time (left, in years) and minimum pressure visited (right, in hPa) of trajectories along time-
dependent annually repeating residual streamlines from CMAM. The background color shading quantifies the absolute value of the merid-
ional gradient of the displayed fields (in arbitrary units, darker shading for larger gradients, blue for largest gradients). Thick dashed lines
mark average position of the tropopause.
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Fig. 4. As Fig. 3 but for JRA25 (top) and ERA40 (bottom) for 1979–2001 (same units for color shading).Fig. 4. As Fig. 3 but for JRA25 (top) and ERA40 (bottom) for 1979–2001 (same units for color shading).

The minimum pressure visited by the trajectories agrees
well between JRA25 (Fig. 4, top right) and CMAM (Fig. 3,
right), ERA40 (Fig. 4, bottom right) also agrees qualitatively
in this measure. Strong meridional gradients in the tran-
sit times and minimum pressures between ∼ 60–70◦are also
found for JRA25. ERA40 does not show these gradients as
clearly.
Preliminary results using the more recently compiled ERA

interim reanalysis product (Simmons et al., 2007), which em-
ploys 4dVar data assimilation as opposed to the older 3dVar
system employed in ERA40, show much improved mini-

mum pressures and transit times along residual circulation
trajectories that are in remarkable agreement with those from
CMAM.

3.2 Distinguishing shallow from deep circulation
branch

The results thus far indicate a distinction between two sep-
arate stratospheric circulation branches: a shallow branch
characterized by comparably fast turnover time-scales (small
transit times) and a deep branch characterized by comparably

www.atmos-chem-phys.net/11/817/2011/ Atmos. Chem. Phys., 11, 817–827, 2011
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Fig. 3. Black contours: annual mean transit time (left, in years) and minimum pressure visited (right, in hPa) of trajectories along time-
dependent annually repeating residual streamlines from CMAM. The background color shading quantifies the absolute value of the merid-
ional gradient of the displayed fields (in arbitrary units, darker shading for larger gradients, blue for largest gradients). Thick dashed lines
mark average position of the tropopause.

Fig. 4. As Fig. 3 but for JRA25 (top) and ERA40 (bottom) for 1979–2001 (same units for color shading).

Fig. 3. Black contours: annual mean transit time (left, in years) and minimum pressure visited (right, in hPa) of trajectories along time-
dependent annually repeating residual streamlines from CMAM. The background color shading quantifies the absolute value of the merid-
ional gradient of the displayed fields (in arbitrary units, darker shading for larger gradients, blue for largest gradients). Thick dashed lines
mark average position of the tropopause.
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Fig. 3. Black contours: annual mean transit time (left, in years) and minimum pressure visited (right, in hPa) of trajectories along time-
dependent annually repeating residual streamlines from CMAM. The background color shading quantifies the absolute value of the merid-
ional gradient of the displayed fields (in arbitrary units, darker shading for larger gradients, blue for largest gradients). Thick dashed lines
mark average position of the tropopause.
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Fig. 4. As Fig. 3 but for JRA25 (top) and ERA40 (bottom) for 1979–2001 (same units for color shading).Fig. 4. As Fig. 3 but for JRA25 (top) and ERA40 (bottom) for 1979–2001 (same units for color shading).

The minimum pressure visited by the trajectories agrees
well between JRA25 (Fig. 4, top right) and CMAM (Fig. 3,
right), ERA40 (Fig. 4, bottom right) also agrees qualitatively
in this measure. Strong meridional gradients in the tran-
sit times and minimum pressures between ∼ 60–70◦are also
found for JRA25. ERA40 does not show these gradients as
clearly.
Preliminary results using the more recently compiled ERA

interim reanalysis product (Simmons et al., 2007), which em-
ploys 4dVar data assimilation as opposed to the older 3dVar
system employed in ERA40, show much improved mini-

mum pressures and transit times along residual circulation
trajectories that are in remarkable agreement with those from
CMAM.

3.2 Distinguishing shallow from deep circulation
branch

The results thus far indicate a distinction between two sep-
arate stratospheric circulation branches: a shallow branch
characterized by comparably fast turnover time-scales (small
transit times) and a deep branch characterized by comparably

www.atmos-chem-phys.net/11/817/2011/ Atmos. Chem. Phys., 11, 817–827, 2011

From B&B text: 
 
Transit times along the 
residual streamlines are 
generally smaller for ERA40 
and JRA25 that for CMAM, 
especially in the polar 
regions. It is important to note 
that transit times here do not 
include the effect of two-way 
mixing. It can be concluded 
that the residual circulation in 
the reanalyses is biased fast 
compared to CMAM.  
 
Prelim analysis of ERA-I 
showed better agreement 
with CMAM. 

CMAM 

JRA 

ERA-40 



In regards to S-RIP: We need to be able to assess both 
 
1)  Differences between the various reanalyses 

 and 

2)  Effective accuracy 

Another consideration is whether it’s possible to 
ascertain trends and variability. 
 
And, we need to keep in mind that the mean 
meridional circulation is not directly measurable…it 
has been inferred from constituent observations. 



Seasonal cycle lower 
 stratospheric mass flux 

Below:  shows mass 
flux and temperature 
relationship 

To assess accuracy, we can look at both absolute values and variations 
in quantities that are likely a function of the mean meridional circulation. 
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Example of using different reanalyses to derive a stratospheric field that 
can be compared with observations; another way to assess accuracy 
 
Schoeberl, Dessler, and Wang (ACPD, 2012):  Used a domain-filling, forward 
trajectory calculation model to generate time dependent water vapor fields and 
compared with satellite and balloon observations. ACPD
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Fig. 6. Comparison of time mean (August 2004–December 2009) water vapor. Left column,
full simulation including methane oxidation; middle column, without methane oxidation; right
column shows difference. These integrations do not include gravity wave parameterization,
convective adjustment, and saturation is set to 100 %.
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Fig. 7. Water vapor anomalies at the equator from 1993 to 2010. Top, HALOE and MLS com-
bined (HALOE before 2005 – dark line). Top-middle MERRA, bottom middle CFSR, bottom,
ERAi.
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There are differences between calculations based on 
different models, and from observations.  Perhaps 
possible to devise some sort of ranking of reanalyses 
based on this sort of calculation. 



There are a few papers that have compared the mean meridional 
circulation between different reanalyses: 
 
Iwasaki et al. 2009 calculated the MIM for  JRA-25, ERA-40, ERA-Interim, 
NCEP/NCAR and NCEP/DOE. 

From Toshiki Iwasaki’s 
Tohoku University web 
page 



Fig. 1. Mass streamfunctions of a:GCM, b:JRA-25, c:ERA-40, d:ERA-Interim, e:NCEP/NCAR and
f:NCEP/DOE averaging during December, January and February (DJF: on the top), and during June,
July and August (JJA: on the bottom) 1979–2001 (exception for GCM, 1 year; ERA-Interim, 1989–2001).
Contour lines areG25,G20,G15,G10,G7,G5,G3,G2,G1,G0:5,G0:3,G0:2,G0:1,G0:05 andG0:01
(1010 kg s!1). Negative values are shaded.
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upward (or downward) mass flux at this level.
The total MOCs deduced from JRA-25, ERA-40,
ERA-Interm, NCEP/NCAR and NCEP/DOE,
are 1:9! 1010, 2:4! 1010, 1:7! 1010, 1:9! 1010

and 1:9! 1010 kg s"1 in DJF, and 1:0! 1010,
1:3! 1010, 1:1! 1010, 1:1! 1010 and 1:1!
1010 kg s"1 in JJA. The averaged total upwell-
ing is about 1:96! 1010 kg s"1 in DJF, and

about 1:14! 1010 kg s"1 in JJA. Although above-
mentioned seasonality is coincident among the re-
analyses, they have significant diversity. ERA-40
has the greatest poleward mass flux in the sub-
tropics of the winter hemisphere, while it has the
smallest one in the extratropics. In the tropics, sig-
nificant diversity of B-D circulation may come
from radiative heating of the NWP models used in
the data assimilation. In addition, systematic tem-
perature errors of the NWP model make a consid-
erable di¤erence in B-D circulation between the
data assimilation and free run (Miyazaki et al.
2005). B-D circulation diagnosed from ERA-
Interim is di¤erent from ERA-40, probably reflect-
ing reduction of systematic errors of the NWP
and introducing 4D-Var (Monge-Sanz et al. 2007;
Fueglistaler et al. 2009).

4.2 Interannual variability and trend
Figure 3 depicts year-to-year variations of

winter-hemispheric poleward mass flux above
100 hPa in 15N and 45N for DJF and 15 S and
45 S for JJA, where signs are changed to draw pole-
ward mass flux in the southern hemisphere. In the
subtropics, the mass flux diagnosed from ERA-40
is much larger than those from the other reanalyses,
as mentioned in the previous subsections. As listed
in Table 1, each detrended time sequence is corre-
lated well with others, particularly in the extra-
tropics. Extratropical mean-meridional flows are
driven by wave-mean flow interactions, both e¤ects
of model resolvable waves and parameterized
GWD in Eq. (7). As shown in Table 2, the total
poleward mass flux above 100 hPa is correlated
with vertically integrated E-P flux convergence, in-
dicating that the reanalyses present well planetary
waves, whose wave-mean flow interactions drive
the mean-meridional flows. In MIM, the vertical
component of E-P flux is the form drag over
isentropes for model-resolvable waves (Tanaka
et al. 2004), which is estimated independently from
mean-meridional velocity. Some contradictions
arise from parameterized GWD, which is missing
in the above MIM analysis, and inconsistency be-
tween the observations and GCM.

Yearly trends of poleward mass fluxes during
twenty years are very weakly decreasing in the
northern-hemispheric winter and increasing in the
southern-hemispheric winter. However, the period
is not long enough to identify reliable weak trends
overcoming the interannual variability and diver-
sity among the reanalyses. Further improvement of

Fig. 2. Mass streamfunctions at 100 hPa
(vertically integrated northward mass flux
above 100 hPa) for DJF (top) and JJA
(middle), and seasonality of their maxima
and minima (bottom) diagnosed from
JRA-25, ERA-40, ERA-Interim, NCEP/
NCAR and NCEP/DOE. In the bottom
panel, signs of maxima are changed to
show the southern-hemispheric poleward
mass flux. Years averaged are the same as
in Fig. 1.
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2008). The upwelling of B-D circulation in low lati-
tude tends to have its maximum in the subtropics of
the summer hemisphere. Seasonality of the upwell-
ing in low latitudes is mainly induced by the solar
radiation, and it is also influenced by cloud radia-
tions through upward infrared flux as indicated
by Fueglistaler et al. (2009). The downwelling of
B-D circulation is located in the extratropics. Par-
ticularly in the southern-hemispheric winter, the
downwelling is maximal near the outer-rim of
polar-night jet stream but very weak within the po-
lar vortex (PV). This seems to be a unique structure
of the southern-hemispheric PV, but has not been
fully confirmed yet from observations. Note that
zonal mean vertical velocity is significantly a¤ected
by the radiations in low-latitudes and by wave ac-
tivities in the extratropics. The question of how ac-
curately GCMs reproduce B-D circulations remains
open, even if they look consistent. In the northern-
hemispheric winter, the downwelling extends from
mid-latitudes to higher latitudes, because the north-
ern PV is asymmetric significantly.

Zonal mean vertical velocities diagnosed from
the reanalyses are more seriously subject to noises
than those from GCM output, so that we hardly
identify the downward branch of B-D circulations
from the reanalyses except for JRA-25 and ERA-
Interim. Schoeberl et al. (2003) suggested in their
age spectrum analysis that the reanalyses have
excessive vertical and meridional dispersions com-

pared with GCM output. In data assimilation, ob-
servational data tend to bring dynamic imbalance
to the first guess and make noises in the vertical ve-
locity. Spatiotemporal variation of ERA-Interim is
much smoother than that of ERA-40 and there
appear several reasons, such as the implementation
of 4D-Var, variational bias corrections, improve-
ment of model physics and so on (Monge-Sanz
et al. 2007; Fueglistaler et al. 2009; Dee and
Uppala 2008).

5. Discussions on reanalysis errors of zonal mean
vertical velocity in the stratosphere

In the stratosphere, there are few wind observa-
tions and accordingly vertical velocity obtained
through the data assimilation is mostly determined
as the response of NWP models to the analyzed
temperature field. According to Onogi et al.
(2007), the NWP model used for data assimilation
has large cooling bias of about 2 degrees at 30 hPa
and causes the error of zonal mean vertical velocity.
The relationship of vertical velocity errors with
temperature errors is derived under assumptions of
Newtonian relaxations for dynamical and radiative
processes.

The zonal mean thermodynamic equation in
MIM is given by
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Fig. 4. Seasonality of mean vertical velocity at 50 hPa (mm s"1) diagnosed from a:GCM, b:JRA-25,
c:ERA-40, d:ERA-Interim, e:NCEP/NCAR and f:NCEP/DOE averaging over 1979–2001 (exception for
GCM, 1 year; ERA-Interim, 1989–2001). Negative values are shaded.
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Seviour et al., 2011 show comparisons between ERA-I and UKMO 

The Brewer–Dobson Circulation Inferred from ERA-Interim

momentum, which is approximated as vertical, but this
breaks down near the Equator (cf. dashed contours in
Figure 1). By splitting F into its resolved (DF) and
unresolved (X) components in Eq. (5) the contribution
from each of these components in driving the upwelling can
be quantified.

3. Assimilation models and data

3.1. Models

The ECMWF Interim Reanalysis (ERA-Interim; Dee
et al., 2011) data incorporate observations from in situ
measurements, balloons, radiosondes, dropsondes, aircraft
and satellites (Simmons et al., 2007). The assimilation uses
the ECMWF Integrated Forecast System (IFS) model, run at
a horizontal resolution of T255, with 60 vertical levels and
including physical parametrization schemes for radiative
transfer, turbulent mixing, sub-grid-scale orographic drag,
moist convection, clouds and surface/soil processes (IFS
Documentation, 2007). A Rayleigh friction and diffusion
are also included in the model. ERA-Interim is similar
to the ERA-40 Reanalysis (Uppala et al., 2005) but uses
ECMWF’s operational four-dimensional variational data
assimilation system (4D-Var) as opposed to the 3D-Var
system used in ERA-40, and has improved humidity analysis,
model physics, data quality control, bias handling and other
improvements as noted in Simmons et al. (2007). Although
ozone is actively assimilated in ERA-Interim (Dragani,
2010), the sensitivity of mass and wind variables to ozone
data is switched off, and only an ozone climatology is used in
the radiation scheme. Therefore the meteorological variables
are not affected by the assimilated ozone. Greenhouse gases
are set to observed 1990 values plus a linear trend (as
specified in Houghton et al., 1995). In particular, carbon
dioxide is assumed to be well mixed with a concentration of
353 ppmv + 1.5 ppmv per year.

The UK Met Office (UKMO) stratospheric analysis
(Swinbank and O’Neill, 1994) are also used in this study, to
support the ERA-Interim results. The assimilation uses the
Met Office Unified Model (Davies et al., 2005). There was
a major change in the dynamical core of the assimilation
model in 2003 and therefore only data for 2004–2009 are
used in this study. Data are obtained at a resolution of 3.75◦

longitude × 2.5◦ latitude as daily instantaneous fields (at
1200 UTC), though the vertical velocity is averaged over all
assimilation time steps from 0900 UTC to 1500 UTC.

3.2. Data

The ERA-Interim data are available over the period
1989–2009, and obtained here on 37 pressure levels with
a 1.5◦ horizontal resolution. The uppermost pressure level
obtained is at 1 hPa with vertical resolution approximately
1 km throughout the stratosphere. These data have a good
representation of the stratosphere, as can be seen by the
zonal mean zonal wind shown in Figure 1. The polar jets are
represented clearly, with stratospheric flow largely eastward
in the winter hemisphere and westward in the summer
hemisphere.

Data are obtained at 6-hourly time intervals at the four
main synoptic times 0000, 0600, 1200 and 1800 UTC.
Figure 2 illustrates the importance of using data with at
least this temporal resolution, showing the residual mean
vertical velocity, w∗, at 70 hPa for both 6-hourly and daily
sampling rates. There is a clear anti-phase relationship
between the daily data sampled at 0600 UTC and 1200 UTC,
suggestive of a strong variation in upwelling with a 12-hour
period. A similar relationship exists between data sampled at
0000 UTC and 1800 UTC. The greatest difference between
6-hourly and daily sampled data occurs in the Tropics and
it is clear that a minimum of a 6-hourly sampling rate is
necessary for calculating properties of tropical upwelling.
Further, work comparing the residual mean vertical velocity
in the Met Office Unified Model calculated every model time
step (20 minutes), 6-hourly and daily shows that, in fact,

w
∗

Figure 2. Annual mean w∗ at 70 hPa for 6-hourly sampling rates (at 0000 UTC, 0600 UTC, 1200 UTC, and 1800 UTC) and daily sampling rates at
0600 UTC and 1200 UTC from ERA-Interim for 1989–2009. Annual mean w∗ at 68 hPa from the UKMO analysis (2004–2009) is also shown; this is
available daily, averaged between 0900 UTC and 1500 UTC.
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The Brewer–Dobson Circulation Inferred from ERA-Interim

(a) (b)

(c) (d)

Figure 4. Monthly and latitudinal variations of monthly mean w∗ at (a) and (b) 70 hPa, and (c) and (d) 100 hPa for both (a) and (c) ERA-Interim data
for 1989–2009, and (b) and (d) UKMO data for 2004–2009. Contours are in units of mm s−1, with the zero contour in bold. Dashed contours represent
negative values.
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Figure 5. For ERA-Interim for 1989–2009. (a) Monthly average w∗ (70 hPa) within the tropical pipe, transformed to normalized pipe latitude such that
latitude 0 always represents the centre of the pipe. The bold line represents the Equator in the transformed coordinates. Contours are in units of mm s−1.
(b) As (a) but with annual mean removed at each normalized pipe latitude.

with altitude in the width of the pipe and above 10 hPa the
region of upwelling extends all the way to the summer pole
(see Figure 1). These results are similar to those of Rosenlof
(1995) and Eluszkiewicz et al. (1996), who derived w∗ from
diabatic heating rates.

An advantage of the smoother representation of the
tropical upwelling in ERA-Interim compared to ERA-40
is that it allows the distribution of the upwelling within the
pipe to be examined in more detail than with the earlier

reanalysis or analysis datasets. To remove the effects of the
seasonal movement of the pipe toward and away from the
summer hemisphere, and the seasonal changes in pipe width,
the monthly and latitudinal variations in the strength of the
upwelling are shown in Figure 5(a) using a transformed
meridional coordinate that runs from −1 to +1 at the
southern and northern edges of the pipe, respectively (see
figure caption for details). The location of the Equator in
these coordinates is indicated by the thick bold line. This is
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The Brewer–Dobson Circulation Inferred from ERA-Interim

(a)

(b)

Figure 7. Seasonal average of (a) resolved wave drag (DF) and (b) parametrized wave drag (X) in the stratosphere from ERA-Interim (1989–2009).
Contours have units of m s−1 per day.

(a) (b)
w ∗w ∗

w ∗ w ∗

Figure 8. For ERA-Interim for 1989–2009, mass stream function at 70 hPa for (a) DJF and (b) JJA calculated from w∗, resolved waves (DF) and
parametrized processes (X) using downward control (DC), and the difference between stream functions calculated from w∗ and DF.

between ∼30◦N and 50◦N in DJF) by the contribution from
the parametrized drag X (dotted line in Figure 8) this
suggests that in the IFS model the orographic gravity wave
drag parametrization (i.e. X) is perhaps underestimating
the momentum deposited by these waves above 70 hPa by
up to a factor of three, at least in this latitude band in
DJF. On the other hand, if the parametrized waves already
break (i.e. saturate) below 70 hPa it would be difficult to
significantly increase the upward flux of momentum above
that level as only the unsaturated part of the momentum flux

is allowed to propagate upward. Therefore, other processes
such as parametrized non-orographic gravity wave drag
almost certainly play a role, particularly toward the Tropics,
where sub-grid-scale gravity waves from convective sources
are likely to be important (Chun et al., 2004). For the DJF
(JJA) results shown in Figure 8, 70% (75%) of the tropical
upwelling (or more strictly the corresponding extratropical
downwelling) is due to resolved waves (i.e. DF) and 8% (1%)
due to parametrized forcing (i.e. X), with the remainder due
to missing processes such as non-orographic gravity wave
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largely affected by the missing of the data; hence, the dif-
ference observed in the upper stratosphere between the
CCM and ERA‐Interim should not be overinterpreted. In
addition, Ygwd† in CCM (Figure 3f) and Ygwd† in ERA‐
Interim (Figure 3c) are different in some regions. There are a
few possible explanations: forcings other than GWD,
assumption of a steady state, and interannual variabilities in
these regions. This point is, however, beyond the scope of
this paper.
[20] However, the overall RC characteristics in the ERA‐

Interim data in the lower stratosphere are similar to the CCM
results, assuring the validity of the results from the CCM
data analysis: The resolved wave drag is a main component
in determining the overall structure of the RC, though there
are some differences in the planetary wave activity between
the CCM and ERA‐Interim results: for example, the plan-
etary wave activity in the lower stratosphere is stronger in
low latitudes and weaker in high latitudes for the CCM
results (Figures 3b and 3e). The GWD considerably influ-
ences the RC in the lower stratosphere. It is of interest that
Ygwd† is dominant in the summer hemispheric upwelling
branch of the winter RC cell, which is also consistent with
the CCM results as noted above. In other words, it is sug-
gested that the winter circulation of RC can extend to the
summer hemisphere by the existence of the GWD.

4.3. The Wave Forcing Role in the Net Upward
Mass Flux
[21] Contributions of zonal wave forcings to the net

upward mass flux at 70 hPa in DJF for the present1 climate
using CCM and ERA‐Interim data are summarized in Figure
4. The contribution of GWD is as large as that of EPFD in
ERA‐Interim data. Thus, GWD and EPFD are essential to
the mass circulation in the lower stratosphere. Figure 4 also
shows the indirect estimation of the contribution of GWD at
70 hPa using CCM data. The value agrees with the sum of
those of parameterized OGWD and nonorographic GWD
using CCM data within 0.1%. This result suggests that the
DC analysis can be applied in DJF, and can be used for

accurate evaluation of the contribution of GWD using ERA‐
Interim data.

5. The Trend of the BDC

[22] In this section, possible changes of the RC in the 21st
century are examined using projection data from the CCM
REF2 run. Linear trends in the time period 2005–2070 of
the residual mass stream function are calculated and dis-
cussed. The long‐term variation of the contributions of
respective wave forcings to the net upward mass flux is
shown.

5.1. Linear Trend of the BDC
[23] Figure 5 shows linear trend of the seasonal mean

mass stream function for DJF calculated by the direct
method and by the DC theory for each wave force contri-
bution. The NH cell in the lower stratosphere and a sub-
tropical part of the SH cell in the lower stratosphere are
intensified. The trend of the annual mean residual circula-
tion Ydirect consists of two cells with the same sign as the
present1 climate except for the Antarctic region, indicating
strengthening of the residual circulation at most heights.
This feature is consistent with the results from the other CCM
runs [Butchart et al., 2006;McLandress and Shepherd, 2009].
[24] Similarity of Ydirect (Figure 5b) and Ydc (Figure 5a)

except for the NH subtropics around 10 hPa assures the
validity of the DC analysis for trends. In the lower strato-
sphere, the trend of the circulation driven by the resolved
wave drag (Figure 5c) consists of two or three cells in the
NH. It is also seen by comparing Figures 5d and 5e that
planetary waves are the most important among the resolved
waves. The trend by OGWD has a positive cell in the
middle latitudes of the NH. This positive cell by OGWD is
stronger than the negative cell by EPFD, resulting in one‐
celled circulation in the NH lower stratosphere. Therefore,
OGWD is important for strengthening the trend of the RC.
In addition, the positive peak of the OGWD trend in the
lower stratosphere significantly affects the net upward mass
flux trend because the mass flux is determined only by the

Figure 4. Contribution of each wave forcing to the net upward mass flux for DJF for the present1 cli-
mate (2000–2008).
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W. J. M. Seviour et al.

Figure 9. Time series for ERA-Interim of annual mean (top) temperature averaged between turnaround latitudes at 70 hPa (solid line) and 100 hPa
(dashed line), and (middle and bottom) tropical upwelling at 70 hPa and 100 hPa, calculated between turnaround latitudes (solid line), between fixed
latitudes 15◦S–15◦N (dot-dashed line) and via downward control between turnaround latitudes (dashed line).

drag. When averaged over the whole year (not shown) the
corresponding percentages are 70% for the resolved waves
(DF) and 4% for the parametrized forcing (X). Rayleigh
friction is included in the model above 10 hPa, but its
contribution to tropical upwelling is found to be just 0.4%
(not shown). It should be noted that data are only available
up to 1 hPa; thus the influence of the mesosphere is not
included in these downward control calculations.

These results show that the state-of-the-art chem-
istry–climate models analysed in Butchart et al. (2011)
represent well the contribution of resolved wave forc-
ing to driving the annual mean tropical upwelling at
70 hPa. Butchart et al. (2011) found the average contri-
bution across the chemistry–climate models to be 70.7%
from resolved waves, 21.1% from orographic gravity wave
drag (parametrized in ERA-Interim) and 7.1% from non-
orographic gravity wave drag (not included in ERA-Interim).

Another notable feature of the DJF stream function
calculated from the EP flux divergence (Figure 8(a),

dashed curve) is its relatively flat profile near the northern
turnaround latitude (i.e. the latitudes of the local maxima
of the solid curve where w∗ = 1

aρ0 cos φ
∂ψ
∂φ

= 0). The flat
dashed curve implies that w∗ resulting from DF is zero
either side of the turnaround latitudes and consequently the
extratropical downwelling driven by the EP flux divergence
is not particularly sensitive to the location of the turnaround
latitudes, in contrast to the findings of McLandress and
Shepherd (2009). As a corollary to this, most of the
latitudinal variability of w∗ near the edge of the tropical
pipe is determined by the sub-grid-scale forcing X and other
missing unresolved processes.

4.4. Time series: long-term trends

Figure 9 shows, for ERA-Interim, the time series of the
annual mean tropical temperatures and upwelling at both
70 hPa and 100 hPa, and averaged between the turnaround
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From Seviour et al, 2011 
(ERA-I) 

What about trends (or decadal variability)? 

From Rosenlof and 
Reid, 2007 (NCEP/
NCAR) 



Figure 10. Tropical HALOE water vapor (tape recorder), 5ºS-5ºN, plotted versus 
time.  Note the change to lower values of the hygropause at the end of 2000, and the 
upward propagation of those lower values in subsequent years. 

Do the reanalyses explain decadal variability in stratospheric species? 



Tropical water vapor anomalies, HALOE 



In an average of tropical sonde data, we see a temperature decrease in the 
cold point temperatures that is not obvious in the 100 mb temperatures. 

Do the reanalyses have the vertical resolution to start explaining the stratospheric 
water vapor decadal variability? 



Summary 
What I’d like to see from S-RIP 
 
1)  An assessment of accuracy for the various reanalyses, with an eye 

towards looking at how reasonably the fields can be used to reproduce 
constituent fields that are independently observed.  (thinking water and 
ozone, possibly measurements related to age of air as well, and any 
temperature measurements that haven’t already gone into the reanalysis 
process) 

 Perhaps looks for big signals that we know about…the post 2000  
 tropical circulation change, the recent NH ozone depletion event. 

 
2) An examination of metrics that describe the upper and lower branches 
separately. 
 
3) A comparison of metrics that help with untangling driving factors (resolved 
versus unresolved forcings…ie, downward control type calculations) 
 
4) Do we even consider anything regarding trends? 
 
 


